Introduction
This paper presents observations and models of the postseismic deformation following the February 1994 Sefidabeh thrust-faulting earthquake sequence in east Iran. In less than a week, five earthquakes with moment magnitudes between 5.5 and 6.2 and centroid depths between 5 and 10 km [Berberian et al., Figure 1b (the red points) and one made with independent scenes covering the time period March 1996 to August 1998 (green points and shown in Figure 2a ). The small, long-wavelength signal on the left side of the profile in green is likely to result from topographically correlated atmospheric effects. (d) Simplified geological map, adapted from the 1977 National Iranian Oil Company 1:1,000,000 sheet. Note that only major geologically mapped faults are shown and not some structures that have been revealed by recent active tectonic studies (e.g., those at Sefidabeh discussed here). features (while acknowledging the possible role of slow, but long-term, interseismic creep). Such work has implications for understanding how the landscape evolves, for using geology and geomorphology to infer the characteristics of seismic cycles, and for estimating the material properties of faults and the surrounding lithosphere. Previous studies have also investigated the active deformation in zones of thrusting and its relation with the growth and evolution of geological and topographic structures. For example , Yielding et al. [1981] and Philip et al. [1992] discussed how the slip in the 1980 El Asnam and 1988 Spitak earthquakes resulted in the uplift of anticline ridges, accommodated by extensional faulting along the ridge crests. Elsewhere in Iran, Fielding et al. [2004] and Nissen et al. [2007] discussed the relationship between fault slip and shallow folding, and observed contrasting behavior of aseismic creep beneath a fold-thrust belt in eastern Iran, and coseismic slip that was only partially correlated with the surface folding on Qeshm Island in the Persian Gulf. A further style of behavior was seen following the 1999 Chi-Chi earthquake, where scarps were produced by active folding during the event [Chen et al., 2007] . Given the variable behavior of these and other faults that have been studied, it is worthwhile to use the excellent InSAR coherence and clearly visible tectonic geomorphology to study the behavior of the Sefidabeh region following the 1994 earthquake sequence.
A feature that is commonly seen in continental thrust-faulting earthquakes is that fault slip decreases toward the surface or does not reach the surface (at Coalinga, Northridge, Bhuj, and San Simeon) [e.g., Stein and King, 1984; Wald et al., 1996; Copley et al., 2011; Johanson and Burgmann, 2010] . The same feature was seen at Sefidabeh, with slip concentrated at depths of 5-10 km [Parsons et al., 2006] . A key question therefore concerns how this shallow deficit of slip is accommodated elsewhere in the seismic cycle, and how such deformation relates to the time-integrated behavior seen in the geological record of crustal shortening (as discussed below). The visible postseismic deformation signature, coupled with the previous work on the coseismic deformation [Berberian et al., 2000; Parsons et al., 2006] , means that we can gain insights into this question by studying the Sefidabeh earthquake sequence.
A further reason for examining postseismic behavior and the growth of topography at Sefidabeh is due to the geology of the region. Previous studies have documented deformation and the evolution of geological and topographic structures in regions where thick sequences of relatively young and unconsolidated sediments undergo active shortening. Recent examples include studies of the pervasive deformation of thick piles of sediment on the margins of the Tien Shan and the Himalaya and in the Los Angeles Basin [e.g., Allmendinger and Shaw, 2000; Lavé and Avouac, 2000; Scharer et al., 2006; Daeron et al., 2007; Charreau et al., 2008] . However, in contrast to these studies, the surface geology at Sefidabeh comprises volcanoclastics, flysch, and limestones that were deposited from the Cretaceous to the early Tertiary, at which time they were faulted and isoclinally folded [Freund, 1970; Geological Survey of Iran, 1991] . By comparing the deformation at Sefidabeh with that observed in the studies described above, it will therefore be possible to infer the effects of the shallow geological structure on the deformation and development of topography.
We will initially describe InSAR observations of postseismic displacements following the Sefidabeh earthquake sequence. We then present a model of the displacement field that can be used to constrain the deformation mechanism and geometry, and examine the temporal evolution of the motions. We also compare the postseismic surface displacements to the tectonic geomorphology in the region, in order to infer how the part of the seismic cycle we have observed compares with the longer-term tectonics of the area. Finally, we discuss the implications of our study of Sefidabeh for the growth and evolution of topography and geological structures in zones of thrusting.
Postseismic Surface Motions
We have measured surface displacements using InSAR from 2 to 16 years following the earthquake sequence (using data from the ERS and Envisat satellites on descending-track number 77). The interferograms were produced and unwrapped using the Caltech/JPL ROI-PAC software [Rosen et al., 2004] , and topographic signals were removed using the Shuttle Radar Topography Mission (SRTM) digital elevation model [Farr and Kobrick, 2000] . We made 11 interferograms using data from 10 acquisitions (details are given in Table 1 ). No phase ramps (which would result from orbital errors) were removed from the InSAR results, as there were no smoothly varying interferogram-wide signals that were of a comparable magnitude to the signal we discuss at Sefidabeh.
COPLEY AND REYNOLDS
©2014. American Geophysical Union. All Rights Reserved. Figure 1 shows the topography in the region of the Sefidabeh earthquake sequence and the observed postseismic deformation over the time period May 1996 to October 2004 from a single interferogram (highlighting the excellent InSAR coherence in the region). The observed motion at Sefidabeh (up to 4 cm) is significantly higher than anywhere else in the interferogram. The signal is partially correlated with some small topographic features (ridges with up to ∼100 m of local relief ). However, we view the signal as tectonic in origin rather than being due to topographically correlated atmospheric effects for the following reasons. First, the signal is visible on multiple interferograms, made using independent data (see profiles in Figure 1 , Table 1 , and the interferograms and profiles in Figures 2 and 3) . Second, the magnitude of the signal evolves with time in a consistent manner throughout our observation period, as will be discussed further below, and such a temporal pattern would not be expected from atmospheric signals. Third, the only place where such a signal is visible is where the Sefidabeh earthquakes occurred. Topographic features with similar characteristics, and also those spanning a large range of higher and lower wavelengths and amplitudes, are present throughout the area covered by the interferogram. However, none of these features have produced signals of greater than 15% of the amplitude of that seen at Sefidabeh in the interferogram shown in Figure 1 . The profiles through two interferograms shown along with a topographic profile in Figure 1c , covering both the region of the Sefidabeh postseismic signal and also the surrounding area, highlight the high amplitudes of displacements seen at Sefidabeh compared to elsewhere in the interferogram (where topographic features are also present). Finally, although parts of the high-displacement patch correlate with topographic features, other parts do not (as will be discussed in more detail below), and the signal is continuous between the parts that are and are not correlated with the topography. The continuous nature of the signal (over both topographic ridges and valleys), the lack of correlation with the surface lithology, the sharp discontinuities present in the signal, the aridity of the region, and the presence of the signal in only the region of the Sefidabeh earthquakes, and not the geologically and climatologically similar areas along strike, lead us to also exclude hydrological effects such as aquifer filling or discharge as the source of the observed displacements. Note that some interferograms show a long-wavelength signal of up to ±5 mm in amplitude, for example in the profiles in Figure 3 , at distances along the profiles of less than 4 km and greater than 20 km (the displacements between these points are part of the Sefidabeh signal that we study; see red profile in Figure 1c ). However, this small long-wavelength signal effectively only changes the "base level" of the tectonic deformation at Sefidabeh, so interferograms that appear slightly different (e.g., Figures 2i and 2j) actually show very similar tectonic signals superimposed on this lower amplitude long-wavelength offset ( Figure 3 ).
Data are also available from ascending-track ERS and Envisat acquisitions. However, less data were available than for descending-track number 77, and the available acquisitions meant that ∼2.5 years was the longest interferogram that could be made. This interferogram only covers the northern part of the tectonic signal seen in the descending-track data. The sense of displacement (movement toward the satellite in region of the Sefidabeh earthquakes) is in agreement with the results from the descending-track data, consistent with thrust motion leading to a large component of vertical displacement. However, due to the short time frame of the interferogram (and the poor signal-to-noise ratio as a result), and the incomplete coverage of the Sefidabeh region, these data will not be considered further in this paper.
COPLEY AND REYNOLDS ©2014. American Geophysical Union. All Rights Reserved. The evolution of the surface motions through time will be discussed in more detail below, but the most important feature to note at this stage is that there are two patterns present in Figures However, the signals are consistent enough in location, pattern, and magnitude to establish they are tectonic motion. Displacements are visible for our entire observation period, which finishes over 16 years after the earthquake sequence. Figure 4 shows a larger-scale view of the observed surface motion. The interferogram spanning the coseismic period shows the smooth displacement pattern expected for buried slip that did not reach the surface [Parsons et al., 2006] . Two years elapsed before the earliest postseismic SAR data were acquired (in 1996) . The postseismic deformation field observed from 1996 onward is spatially complex. Multiple steep and narrow displacement gradients are present (Figures 4c, 4f, and 4g) , with a range of strikes that are roughly NW-SE.
The maximum satellite line of sight motion in the interferogram covering 1996-2004 is 4 cm, and over our entire 1996-2010 observation period is 6 cm. The incoherent area near Sefidabeh town at the northern part of the displacement patch corresponds to the location of uplifted lake beds. The linear incoherent areas further south correspond to steep topography on the edges of elongate topographic ridges.
The long timescale and spatially complex pattern of steep and narrow displacement gradients rules out poroelastic effects as the dominant cause of the signal. Likewise, the sharp displacement gradients rule out viscoelastic deformation or fault slip at depth as the dominant cause of the motions, as such mechanisms would produce long-wavelength surface motions due to the presence of the elastic upper crust. However, the observations are consistent with slip on faults in the upper crust in the time following the earthquake sequence ("postseismic afterslip"). Lyzenga et al. [2000] noted that viscoelastic relaxation in the shallow crust, overlying a blind thrust fault, can produce the same pattern of surface deformation as afterslip on a shallow thrust fault. However, in the case they studied the deformation is smoothly varying at the surface, and the fault slip that could have generated the observations is buried. The presence of multiple steep and narrow displacement gradients at the surface in our postseismic observations at Sefidabeh rule out this form of deformation as the dominant postseismic strain. We therefore conclude that the displacements we have imaged are due to postseismic afterslip.
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Postseismic Deformation Model

Inversion Method
We will initially analyze the spatial pattern of the deformation that occurred following the Sefidabeh earthquakes, using a single interferogram covering the time period May 1996 to October 2004 (Figures 1 and 2g ). This interferogram was chosen because its long time span, starting early in the postseismic period, combined with the low levels of nontectonic signal in areas distant from the Sefidabeh postseismic motions, leads to an excellent signal-to-noise ratio. The noise level can be seen in the profile through the interferogram shown in red in Figure 1 , in the regions away from Sefidabeh, and is less than 0.5 cm (compared with the 4 cm maximum signal in the interferogram). There is no indication that the spatial pattern of displacement in this interferogram differs from that in any others, once the effects of the nontectonic noise in the noisier interferograms is taken into account (Figure 2 ), meaning our results using this interferogram apply to the deformation in all of the postseismic time period that we have observed (of which this interferogram covers roughly two thirds). After analyzing the spatial pattern of the deformation, we will then consider the temporal evolution of the motions.
It is possible to invert the surface displacement field to estimate the fault geometry and slip at depth, using displacements calculated for slip on rectangular fault planes [Okada, 1985] . Because of the complexity of the surface deformation field, six fault planes are required to recreate the observations. We use an iterative inversion scheme to find the combination of location, geometry, and slip on rectangular uniform slip fault planes that best fits the data. We begin with a single plane and then add extra planes after each inversion run in the location that shows the biggest discrepancy between the model predictions and the data. The parameters of all planes are then reinverted. We vary the starting parameters of the additional fault planes between different sets of inversions, to include initial dips between 10 and 80 • , lengths from 1 to 15 km, and initial rakes between pure left-lateral strike slip, thrusting, and pure right-lateral strike slip. We assess the quality of fit between the model and the data using the reduced chi-square statistic, which is given by
, where N is the degrees of freedom (number of observations minus number of model parameters minus one), D and M are the observed and modeled displacements at each point, 2 is the variance of the data (calculated from the regions of the interferogram not affected by the Sefidabeh postseismic motion), and the sum is over all model grid points. We assume the data variance in the region of the tectonic motions is the same as in the surrounding area of the interferogram. In cases where 2 red = 1, the misfit between the model and the data is the same size as the uncertainty in the data. Large values are equivalent to a poor fit to the data and values significantly less than one imply fitting of noise in addition to the signal present in the data (i.e., overfitting of the data). Our preferred model includes six fault planes (Figure 4d) and has 2 red = 1.15, implying that we are neither significantly underfitting or overfitting the data. A visual corollary of this point can be seen on the profile through the interferogram shown in Figure 1c , which gives a sense of the size of the tectonic signal (>30 mm on the section shown on the profile and ∼40 mm at its maximum) in relation to the minor undulations in the other parts of the interferogram (<5 mm), showing that the signal we are fitting is large compared with the noise level and the complexity of our modeled surface displacement field is justified. Fewer fault planes result in a significantly larger 2 red , because of an inadequate fit to the data ( 2 red = 1.80 for five fault planes). Visual confirmation of this result arises from the large and spatially broad misfits resulting from five fault models. Additional planes reduce the 2 red value only slightly (to 1.04), indicating that the main features of the data are explained with six fault segments.
Inversion Results
The level of noise in the data is low enough that we would be able to obtain well-constrained estimates of the parameters of a single fault plane. However, two other factors place constraints on the resolving power of our models. First, the only usable data we have are from a single descending-track look angle, so we are affected by some commonly known trade-offs between fault parameters. The second limiting factor in our inversions is that six closely spaced faults are required to fit the data. The overlapping surface displacement patterns due to these fault segments leads to trade-offs between the parameters of the faults. We have investigated the range of model parameters that provide a good fit to the data (i.e., with a 2 red comparably low as our preferred model described below) by varying the starting parameters of fault planes as they were added to the inversions. The combination of these two effects means that there are trade-offs between the magnitudes of slip, the rakes, and the dips of the fault planes. However, there are a number of robust features that are present in all fault configurations we have found that provide a good fit to the data, which are described below.
COPLEY AND REYNOLDS ©2014. American Geophysical Union. All Rights Reserved. In our preferred model (shown in Figure 4d ) the magnitude of slip on all the planes is 5 cm or less, and the faults have dominantly thrust motion with dips to the SW in the 28-68
• range (the parameters of the fault model shown in Figure 4d are given in Table 2 ). Slip reaches within 1 km of the surface and in some cases breaks the surface, on the fault segments that underlie sharp displacement gradients. The long-wavelength component of the surface deformation ( Figure 4c ) requires slip on the three northeastern fault planes that lie along the range-front (f1-f3 in Figure 4e ) to extend to a depth of 10 ± 3 km (e.g., fault f1 crossed by profile A in Figure 4f ). The short-wavelength features present in the displacement field show that either two or all three of the faults within the range interior (f4-f6 in Figure 4e ) only slipped at shallower depths (i.e., <5 km, such as fault f5 responsible for the short-wavelength displacement peak on profile B in Figure 4f ). The total moment represented by the afterslip in the model shown in Figure 4d is 5 × 10 17 Nm (equivalent to a single event of M w 5.8). Three earthquakes of magnitudes 3.6-3.8 are the only to be present in the area in the International Seismological Centre (ISC) catalog during the time covered by our postseismic InSAR results, suggesting the deformation is likely to have been mostly aseismic (over 300 such events would have been required to produce the observed deformation). Our estimate of the magnitude of postseismic slip does not include the unobserved deformation in the 2 years immediately following the earthquake sequence or the displacements following the end date of the interferogram analyzed in this section of 2004.
It is likely that the slip from the near surface to depths of 10 ± 3 km on the range-front faults represents motion on the continuations of the coseismic fault planes, which Parsons et al. [2006] demonstrated would project to the surface near the range-front (marked in white in Figure 4b ). Within the uncertainties in the fault location and dip estimates of Parsons et al. [2006] (due to decorrelated areas in their interferograms) and this study, the range-front faults in our model are consistent with being extensions of the same planes as the coseismic fault ruptures of Parsons et al. [2006] . The base of slip we estimated is similar to the ∼10 km maximum depth of coseismic slip estimated by Parsons et al. [2006] . However, our estimated postseismic slip extends close to the surface rather than being buried at depths of >5 km as was the case coseismically. Both coseismic and postseismic slip was dominantly thrusting. These relations between coseismic and postseismic slip suggests that the postseismic motion was driven by stress concentrations on the edges of the coseismic rupture patch (a common occurrence) [e.g., Johnson et al., 2006; Hsu et al., 2006; D'Agostino et al., 2012; Copley et al., 2012] . The degree of sensitivity of our data to the detailed spatial distribution of motions at the 5-10 km depths of coseismic slip, and our use of rectangular constant slip fault planes in our inversions, does not allow us to infer whether there are gaps in the distribution of afterslip at depth that correspond to the fault patches that slipped in the earthquakes. However, because of its depth extent, the postseismic slip can be seen as a mechanism by which the vertical displacement gradient resulting from the buried coseismic slip is at least partly accommodated in the upper 5 km of the crust. The proportion of this displacement gradient accommodated by the afterslip will be discussed once the temporal evolution of the displacements has been examined.
There is no evidence of coseismic slip on faults within the interior of the range, southwest of the range-front thrusts just discussed (faults f1-f3). However, this region in the range interior experienced postseismic motion on shallow faults (<5 km, such as the fault f5 responsible for the short-wavelength displacement peak on profile B). It is possible that some coseismic slip in this region could have been obscured by the decorrelated patches in the coseismic interferogram (Figure 4b) . However, such slip would also have had to be shallow, for the signal to have a short enough wavelength to be hidden within the decorrelated patch. Additionally, in order to be consistent with the 5-10 km centroid depths of the earthquakes determined using body waveform modeling [Berberian et al., 2000] , any slip would have had to be minor compared with that at depth. It therefore appears that shallow postseismic slip, and possibly minor shallow coseismic slip that was unseen, occurred within the hanging walls of the range-front faults on which coseismic slip was concentrated and afterslip throughout the seismogenic layer later occurred.
Temporal Evolution of the Displacements
Unfortunately, the 2 year time gap between the earthquakes and the first postseismic SAR acquisition, the long gaps between subsequent data collections, and the increasingly poor signal-to-noise ratio in the later part of the observation period, limit our ability to analyze the temporal evolution of the deformation. The displacement rate is not constant, with the time-averaged rate at the highest-displacement locations decreasing from ∼7 mm/yr in the period from 2 to 4.5 years following the earthquakes (e.g., Figure 2a) , to less than 3 mm/yr in the period beyond 9 years following the earthquakes (e.g., Figure 2k ). This decrease in rate implies that the fault slip is relaxing the coseismic stress changes, and we are not observing interseismic creep at a constant rate. Additionally, the long-term rate of convergence across the fault zone is estimated to be ∼1.5 mm/yr (from the dating of uplifted lake deposits) [Parsons et al., 2006] . Although the rates late in our observation period approach this value, they remain higher, and the early rate is significantly higher, therefore implying that the interseismic contribution to our observations is small compared with the transient and decaying postseismic deformation. [2004] derived an equation to describe the evolution of surface displacement due to postseismic fault slip driven by coseismic stress changes, which is given by U(t) = V 0 t + V 0 t r log[1 + d(exp(t∕t r ) − 1)], where U(t) is the surface displacement through time, V 0 is the interseismic rate, t r is the characteristic relaxation timescale of the deformation, and are geometrical factors, and d is a quantity that depends upon the coseismic stress change and the material properties of the fault plane. We do not have a complete enough time series of data, especially close to the time of the earthquakes, to be able to uniquely constrain the values of the parameters in this equation. We are therefore not able to estimate the material properties of the fault planes. Although the time-averaged rate of motion is known from the slip rate estimate of Parsons et al. [2006] , the progressively decreasing rate of motion we have observed, and the rapid rates compared to the interseismic rate, mean that the signal is dominated by the postseismic transient deformation throughout our observation period, and knowledge of the time-averaged rate alone does not provide significant constraints upon the range of model parameters. However, it is still possible to place some constraints on the relaxation time (t r ). We have fixed the relaxation time at successive values and sought the combinations of the other parameters that result in an evolution of surface motions through time that best fit the interferograms shown in Figure 2 . We have then examined how the misfit between the best fitting models and the data varies as a function of the relaxation time, as shown in Figure 5a . This method constrains the relaxation time to be greater than 4 years, assuming a noise level in the data of ±5 mm (from the noisiest interferograms, e.g., Figure 2d and 2f, which show a NE-SW trending artifact relating to the SAR data gathered in May 1999). The upper bound on the relaxation time is unconstrained, given the noise level in the interferograms.
Perfettini and Avouac
The timescale of afterslip at Sefidabeh is considerably longer than is usually observed (0.1-1 years) [e.g., Savage et al., 2005] , as was also seen following the nearby 1978 M w 7.3 Tabas earthquake [Copley, 2014] . In this case, Copley [2014] suggested two possible reasons for the long timescale, both of which could be applicable to the Sefidabeh postseismic slip. One possibility is that the fault has similar material properties to others that have been studied, but that the excellent InSAR coherence and the absence of other signals in the data (including interseismic motions, nontectonic effects, and other noise in the data) make small and long-lived signals more visible than may have been the case following other earthquakes. Both the 1978 Tabas event and the M w 9.2 1964 Alaska earthquake [Suito and Freymueller, 2009] produced afterslip on longer time frames than has happened to date at Sefidabeh (although the motions are likely to still be continuing). An alternative possibility is that there is significant lateral variability in the material properties of fault planes, and therefore the time periods over which they experience postseismic afterslip. Relatively short transients following other events [e.g., Loma Prieta, Denali, and Mozambique; Segall et al., 2000; Johnson et al., 2009; Copley et al., 2012] suggest that some variability does exist, but at present we do not have sufficient information to establish which of these two possibilities is responsible for the observations presented in this paper.
COPLEY AND REYNOLDS ©2014. American Geophysical Union. All Rights Reserved. For the best fitting models corresponding to the low misfits in Figure 5a , the total surface motion at the maximum displacement point in the 20 years following the earthquakes is estimated to be 0.1-0.2 m (Figure 5b ). Adding up the motion across strike on the range-front and hanging wall faults, this displacement corresponds to a total of 0.25-0.5 m shallow fault slip per length along strike. Such shallow slip represents 13-25% of the magnitude of deep coseismic slip and therefore the same proportion of the displacement contrast between the coseismic slip patch and the unruptured upper ∼5 km of the crust. However, the trade-offs amongst the parameters mean this estimate cannot be refined any further using the available data. The large uncertainty mostly relates to our lack of data from the first 2 years following the earthquakes, when the rates would have been higher and most slip would have occurred (Figure 5b ). The component of the vertical displacement contrast produced by the buried earthquake slip that is not accommodated by the postseismic slip we have studied is likely to be relieved by future long-lived postseismic motion or interseismic creep.
Relationship to Geomorphology
The deformation observed in the postseismic InSAR results is in direct agreement with geomorphological indicators of the location of active uplift. The abandoned and incised alluvial fan surfaces described by Berberian et al. [2000] mark the locations of uplift on timescales of multiple seismic cycles and are in agreement with the areas of postseismic uplift. Growing ridges within the mountains have diverted rivers around their ends [Berberian et al., 2000] , and these ridges are locations of concentrated postseismic uplift. Figure 6 highlights the spatial agreement between the geomorphological signs of long-term uplift of ridges and the diversion of drainage, and the motion observed in the postseismic InSAR results (e.g., the two areas marked "A" and "B"). A third sharp displacement gradient in the InSAR results, marked "C" in Figure 6c , does not coincide with a topographic ridge, but does mark a region of significant incision of alluvial fans. Elevation data (Figures 1a, 1c, and 6d) show that the faults whose slip we have inferred based on the InSAR results have not been responsible for producing all of the topography in the region, some of which presumably relates to earlier phases of faulting or volcanism, plus erosion (e.g., the 50 km long SW-NE gradient that crosses the area). However, the geomorphological markers of uplift on shorter timescales (e.g., tens to hundreds of thousands of years), such as the diversion and incision of drainage and the growth of the ridges close to the range-front that have uplifted ∼100 ka age lake deposits [Parsons et al., 2006] are in agreement with the locations of motion in the postseismic InSAR results. Such features are too narrow to have been produced by smooth, long-wavelength, coseismic uplift during earthquakes similar to those in 1994 (Figure 4b ). The agreement between the uplift patterns in the postseismic motion and the geomorphology is important because it suggests that the Quaternary landscape development in the region is governed by seismic cycles of the type that we have observed. An understanding of these observations can therefore provide insights into the development of topography in the area.
COPLEY AND REYNOLDS ©2014. American Geophysical Union. All Rights Reserved. Note that these ridges experienced close to the maximum displacement in the postseismic period and in the longer term have uplifted and been responsible for drainage diversions and the uplift and incision of fan surfaces and lake deposits (Figure 6a ) [Berberian et al., 2000] . Region "C" also experienced large amounts of postseismic uplift and is a location of pronounced incision of alluvial fans.
Discussion
Geological Controls on Seismic Cycle Behavior
An obvious question raised by the deformation viewed at Sefidabeh is how common is such behavior in thrust belts worldwide? There are plentiful studies of the contrasting behavior of thick sedimentary sequences in which shortening primarily occurs by the pervasive deformation of the sediments and/or bedding plane slip [e.g., Allmendinger and Shaw, 2000; Scharer et al., 2006; Daeron et al., 2007; Charreau et al., 2008] . At Sefidabeh, in contrast, the shallow deformation occurred dominantly by slip on a small number of discrete planes. The dips of these planes show that they do not represent bedding planes (which are approximately vertical) [Berberian et al., 2000] but are similar to the 30-50
• dips of the coseismic fault planes at depths of 5-10 km [Berberian et al., 2000; Parsons et al., 2006] . We suggest that the difference between the mode of deformation at Sefidabeh and those areas that deform by distributed deformation may be due to the geological histories of the regions. The rocks being actively deformed at Sefidabeh are Cretaceous to Paleogene volcanoclastics, flysch, and limestones, which were deformed in the early Tertiary by a combination of isoclinal folding and faulting [e.g., Freund, 1970; Geological Survey of Iran, 1991] (Figure 1d ). It is likely that they are materially more competent than thick piles of recent (e.g., mid-Miocene and younger) Allmendinger and Shaw, 2000; Scharer et al., 2006; Daeron et al., 2007; Charreau et al., 2008] . We suggest this difference in surface geology may be the cause of the contrasting styles of shallow deformation. Only further observations from regions where competent bedrock ranges are undergoing active deformation will reveal how common the style of displacements seen at Sefidabeh may be.
An implication of the shallow deformation at Sefidabeh being distributed on multiple fault strands is that structures within the uplifting hanging walls of the range-bounding faults are currently active (Figure 6 ). This result has implications for slip rates estimated on range-front structures in this and similar regions. If shallow slip is distributed between the range-front and the interior of the topography, as at Sefidabeh, slip rates estimated for the range-front alone will underestimate the total amount of activity in the fault system as a whole.
The Timing of Shallow Deformation Within The Seismic Cycle
A general implication of our observations at Sefidabeh is related to the relative timing of deformation at different depths within the crust. Coseismic slip occurred at depths of 5-10 km and postseismic slip from the surface to the base of the seismogenic layer. Similar features have been seen in numerous earthquakes, with coseismic slip either decreasing toward to surface or not reaching the surface [e.g., Fialko et al., 2005, and references therein] . The agreement between the locations of postseismic motion and the indications of uplift preserved in the geomorphology suggests that the geological evolution of the Sefidabeh region is controlled by seismic cycles resulting in the location and style deformation we have imaged. In this case, an examination of the shallow geology accessible to surface observations and boreholes would be studying features produced by postseismic motion, along with any minor coseismic slip that could have occurred and remained invisible to the previous seismological and geodetic studies of the earthquakes [Berberian et al., 2000; Parsons et al., 2006] . Therefore, in regions behaving similar to Sefidabeh, inferences of the properties or stress state of the crust based upon observations of shallow faults may be related to postseismic deformation in response to deeper coseismic slip, rather than to earthquakes on the observed faults and the wider stress state of the region.
The situation in which the hanging wall of a major thrust fault is broken up by shallow faults has been recognized previously in continental settings [e.g., Perez-Estaun et al., 1988; Davis et al., 1989] and also in seismic images of accretionary wedges above subduction zone megathrusts [e.g., Park et al., 2002] . However, a notable aspect of this study is that it has allowed the timing of motion on such structures at Sefidabeh to be identified and the role they play in the seismic cycle and the evolution of the landscape in the region to be determined. A useful avenue for further work in this regard will be to compare the coseismic and postseismic motions at Sefidabeh with detailed mapping of the geological structures in the region, in order to establish what proportions of the total deformation could have been produced by the mechanisms that have been observed. However, such work will involve mapping and distinguishing between multiple different generations of deformation and is beyond the scope of the present study.
Mechanisms of Producing Topography
The results presented above allow us to study the mechanisms by which topography can grow above crustal-scale thrust faults. For a seismic cycle to result in the net production of short-wavelength topography (e.g., kilometer-scale uplifting ridges), there must be an imbalance between interseismic strain accumulation and coseismic and postseismic slip. A cycle of elastic strain accumulation, and its release in an earthquake, on a thrust fault that extends from the surface to the base of the seismogenic layer, would produce topography resembling a step between two gently sloping land surfaces. The wavelength of these gentle slopes will depend upon the elastic thickness, and for realistic values (e.g., T e ≥ 5 km), the slopes should extend for tens of kilometers either side of the fault (Figure 7) . Such a conceptual model therefore does not explain the presence of narrow topographic features growing above faults. King et al. [1988] suggested that the production of short-wavelength topography could be accomplished if the upper crust had an elastic thickness during the interseismic period of less than half of that over which it was able to break in earthquakes. The almost constant thickness of the seismogenic layer throughout the earthquake cycle [e.g., Rolandone et al., 2004] suggests that this mechanism does not operate. Additionally, King et al. [1988] neglected the effects of interseismic elastic strain accumulation. An alternative explanation is therefore required. One possibility is presented by previous work on the growth of folds above thrust faults by the pervasive deformation of sediments in the shallow crust [e.g., Lavé and Avouac, 2000; Allmendinger and Shaw, 2000; Scharer et al., 2006; Daeron et al., 2007; Charreau et al., 2008] , in which cases short-wavelength folds are often produced. At Sefidabeh, in contrast, the earthquakes and postseismic results show that the entire seismogenic layer, to depths of over 10 km, participated in the deformation, and that the shallow deformation was concentrated onto discrete faults rather than being distributed throughout a sedimentary pile. Our observations therefore require an alternative mechanism for the production of topography during the seismic cycle.
At Sefidabeh, the shape and location of the coseismic uplift patch indicates that the dominant location of coseismic slip was on faults that, if projected to the surface, would outcrop near the eastern edge of the ridges visible in the topography, at the junction with the low-lying alluvial fans [Parsons et al., 2006] ( Figure 4b ). There was postseismic slip on range-front faults that probably represent the continuations of these coseismic fault planes, and also on faults in the interior of the range that break up the coseismic hanging walls. These hanging wall faults are not known to have slipped coseismically and could only have generated minor and shallow slip in order to avoid detection by seismology and InSAR studies of the earthquake sequence [Berberian et al., 2000; Parsons et al., 2006] . Such coseismic slip seems unlikely, as it would need to be separated both laterally and vertically from the main slip patch. Our results from Sefidabeh are not unique : Donnellan et al. [2002] observed postseismic hanging wall slip following the 1994 M w 6.7 Northridge (California) earthquake, and Ryder et al. [2010] observed an analogous situation in which the hanging wall of a normal-faulting fault plane in Tibet was broken up by an aftershock and afterslip on a synthetic normal fault. A kinematic model that is consistent with our observations, and with the condition that over an entire seismic cycle the deformation at all depths within the seismogenic layer should be the same, is shown in Figure 7 . The shallow slip that must occur to make up the vertical displacement gradient produced by the buried coseismic slip is distributed between multiple fault strands. That some of these strands only slipped at relatively shallow depths is shown by the short-wavelength features in the postseismic interferograms and confirmed by the inversion results. These shallow faults will produce only short-wavelength surface topography. In addition, it appears that these faults are sliding in response to the coseismically induced stress changes, rather than slipping in earthquakes due to accumulated elastic displacement. As such, they may not be accumulating elastic strain at any time, but only sliding in response to externally applied stresses. Such a situation provides a means to "freeze in" short-wavelength topographic, geomorphological, and geological structures; the motions produced by the postseismic slip are not balanced within the footwall and hanging wall by prior elastic strain buildup, as is the case in a standard "elastic rebound" seismic cycle.
Conclusions
InSAR observations of the postseismic ground motion following the 1994 Sefidabeh earthquake sequence have demonstrated a mechanism of topographic development above an active thrust fault. Shallow post-seismic afterslip on an array of faults results in a pattern of uplift that is in agreement with the long-term topographic growth visible in the geomorphology. This afterslip accommodates at least part of the vertical displacement gradient resulting from the buried nature of the coseismic slip. The afterslip is visible for over 16 years following the earthquakes, and the characteristic timescale for relaxation is greater than 4 years. Some of the postseismic fault slip occurred on faults within the hanging walls of the coseismic fault planes and provides a mechanism to develop short-wavelength topographic and geological features in regions of active thrust faulting.
